In two recent papers, normal incidence and expanding spread profiles (ESPs) shot across the Hatton Bank passive continental margin showed seaward dipping reflectors in the upper crust and elevated velocities in the lower crust. The reflectors were interpreted as subaerial basalt flows and the high velocities as underplated or intruded igneous material in the lower crust. A recent gravity model shows high densities in the lower crust supporting the velocity model. In this study we present the forward modelling of two wide-angle seismic refraction datasets shot perpendicular to strike and through the ESP midpoints. The final velocity model across the margin is consistent with all the seismic datasets but differs in some important respects from the ESP-based model: a high velocity volcanic pile is outlined mid-way up the continental slope and the inferred velocities in the lower C N S t are slightly lower. The differences between the two models can be explained by the three-dimensional nature of the margin: the ESPs were modelled assuming that the sub-sediment structure was invariant along strike. The final velocity model is used to obtain an estimate of the total thickness of melt accreted across the margin, which is calculated to thicken from zero at Hatton Bank to about 12 km mid-way down the continental slope. At the bottom of the continental slope the adjacent igneous section forming the oceanic crust is about 18 km thick and thins rapidly northwestwards to 11 km. As the oceanic crust thins its seismic velocity decreases; this suggests that it is less mafic and that there is a post-rift decrease in the percentage of mantle melting. This decrease may be explained by a decrease in asthenospheric temperature and/or by a reduction in volatile content.
INTRODUCTION
Recent studies have identified two extreme types of passive continental margin (Eittreim, Hampton & Childs 1985) : (i) margins that show evidence of extensive igneous activity at breakup rifting (volcanic margins) and (ii) margins that show only limited igneous activity during breakup rifting. Volcanic margins can be identified on seismic sections by the presence of seaward dipping reflector sequences, now known from deep drilling to be subaerial basalt flows (Roberts et af. 1984; Shipboard Scientific Party 1987) and by the rapid transition from continental to oceanic crust, typically over a zone about 70 km wide (Mutter, Buck & Zehnder 1988) . Growing evidence suggests that intrusion and/or underplating of large quantities of igneous material in the lower crust and/or upper mantle accompany the extrusion of the subaerial basalt flows at volcanic margins (LASE Study Group 1986; White et af. 1987; Mutter et af. 1988) . This is the third in a series of papers about a geophysical study of the Hatton Bank volcanic margin undertaken by Cambridge, Durham, and Birmingham Universities in May 1985. The western Hatton Bank (Fig. 1) is a passive margin formed by rifting of the Rockall Plateau from Greenland at the time of magnetic anomalies 24-25, some 56-59 Myr ago (Laughton 1971; Vogt & Avery 1974; Srivastava 1978; Roberts et al. 1984) . As at other North Atlantic margins, the Hatton Bank shows dipping reflector sequences in the upper crust, elevated velocities in the lower crust, and thickened oceanic crust (-10-11 km) in the adjacent ocean basin. The first two papers by Spence et af. (1989) and Fowler et al. (1989) presented results from 10 expanding spread profiles (ESPs) shot along strike; Fowler et af. (1989) constructed a velocity model across the margin by drawing smoothed velocity contours between ESPs. In this study results are presented from a wide-angle ocean bottom seismometer (OBS) and multichannel refraction line shot perpendicular to strike through the ESP midpoints. In the forward modelling of these two lines the ESP-based model is used as an initial model. A full description of the data reduction, processing and forward modelling of the refraction data is included in Morgan (1988) . Solid lines indicate bathymetry in metres, the box outlines the study area for the Hatton Bank experiment, and the dotted line shows the location of the OBS and multichannel refraction line. Triangles mark the approximate position of DSDP holes 403-406.
Igneous accretiowupper crust
Seaward dipping reflector sequences (subaerial basalt flows) have been observed on many seismic sections shot across passive margins (Hinz 1981) . Two end-member models were proposed by Hinz (1981) and Mutter, Talwani & Stoffa (1982) for the origin of the flows. In the former model the flows are extruded subaerially at the rift axis, and lie on stretched continental crust. In the latter model the flows are analogous to layer 2 of a thickened oceanic crust. Intermediate models by Smythe (1983) , Roberts et al. (1984) and White et al. (1987) propose that at least some of the basalt flows are intruded through stretched continental crust. Dipping reflector sequences were drilled on the southwest Rockall and Norwegian margins, in Legs 81 and 104 of the DSDP and ODP program, respectively. DSDP Leg 81 (southwest Rockall) drilled the top 71 m of the dipping reflector sequence; the flow basalts were found to be plagioclase and clinopyroxene tholeiites (Harrison & Merriman 1984) . In a study of lead isotope ratios, Morton & Taylor (1987) showed that these Leg 81 basalts had been contaminated with continental crust depleted of its radioactive minerals. Morton & Taylor (1987) concluded that the basalts had been intruded through the Precambrian Rockall continental crust.
At the Norwegian margin a bright reflector was identified at the base of the dipping reflectors (called reflector K by Mutter, Talwani & Stoffa 1984) which was interpreted to be a dyke-sill interface by Mutter et al. (1984) . During ODP Leg 104 the horizon corresponding to reflector K was drilled. The subaerial basalt flows above reflector K had a similar character to the DSDP Leg 81 basalts, whilst the volcanic sequence below reflector K was more acidic and had two magma types: one derived from partial fusion of sedimentary continental crust and the other a MORB tholeiite heavily contaminated with crustal melt (Shipboard Scientific Party 1987). Eldholm et aZ. (1987) concluded that the acidic basalts represented a zone of highly intruded stretched continental crust and that the theoleiitic flows were post-rift extrusives.
Igneous accretiowlower crust
Elevated lower crustal velocities, between 7.0 and 7.6 km s-', have been observed in the lower crust at passive margins off North America (Keen 1985; LASE Study Group 1986; Mooney & Brocher, 1987) , Norway (Mutter et al. 1988) , East Greenland (Larsen & Jakobsdottir 1988) and Australia (Falvey & Middleton 1981) . High velocities have also been observed in the lower crust at some zones of continental extension and beneath oceanic plateaus (e.g. Mueller et al. 1973; Sinha, Louden & Parsons 1981; Pechmann, Richens & Smith 1984; ten Brink & Brocher 1987) .
It is widely considered that the high velocities reflect intrusion or underplating of partial melt, generated by asthenospheric upwelling due to either (i) lithospheric thinning (Beaumont, Keen & Boutilier 1982; Keen 1985; Furlong & Fountain 1986 ; LASE Study Group 1986; White et aZ. 1987) or (ii) hot spot mantle plumes (ten Brink & Brocher 1987) . Intrusion of sills into the lower continental crust has been proposed as a possible explanation for lower crustal layering seen on deep seismic reflection profiles (McKenzie 1984a; Warner & Cheadle 1987; Keen & de Voogd 1988) . Alternatively, the melt may pond below the crust replacing mantle material; the lower layer would then consist purely of solidified melt. This solidified melt may also have a layered appearance; successive additions of magma below the crust may differentiate to produce layers with compositions varying from gabbros at the top to ultramafics at the base (Cox 1980) . If the Moho is considered to be the location of a transition from crustal velocities of G7.1 km sC1 to mantle velocities of >7.6kms-', then the position of the Moho becomes ambiguous in all these models.
Whether the partial melt intrudes or ponds beneath (underplates) the stretched continental crust depends upon the relative density of melt and continental crust (Herzberg, Fyfe & Carr 1983) ; if the melt is less dense it intrudes the crust, if it is more dense it ponds beneath it. ten Brink & Brocher (1987) suggest that deviatoric stress induced by lithospheric flexure is another controlling force on magma intrusion; they propose that at the Hawaiian Islands intrusion occurred when the minimum compressive stress was horizontal. Wernicke (1986) proposes that lithospheric strength also controls igneous intrusion and suggests that two major strength barriers, the crust-mantle boundary and the base of the brittle upper crust, slow down the rise of magma.
MODELS FOR I G N E O U S ACCRETION
Three mechanisms have been proposed to explain the generation of large quantities of igneous material at North Downloaded from https://academic.oup.com/gji/article-abstract/98/2/367/640852 by guest on 16 January 2019 asthenospheric temperature, initial lithospheric thickness, and the amount of lithospheric thinning (McKenzie & Bickle 1988) . As the temperature increases the predicted proportion of melt increases, the melt thickness increases (see Fig. 13a ) and the melt becomes more mafic. White & McKenzie (1989) show that there would be a corresponding increase in the seismic velocity and density of the melt. The melt underplates or intrudes the lower continental crust and mantle, or forms new oceanic crust.
Support for the hypothesis that elevated temperatures are responsible for enhanced melt production at rifted margins comes from the correlation in the North Atlantic between the inferred extent of anomalously hot mantle around the Iceland hot spot with the location of volcanic margins (White & McKenzie 1989) . Klein & Langmuir (1987) have made a detailed study of the chemistry of oceanic basalts along the present day oceanic spreading centre and show that, as predicted by McKenzie & Bickle (1988) , the basalts become less primitive away from the Iceland hot spot.
Atlantic volcanic margins: decompression melting of asthenospheric mantle with elevated temperatures (White et al. 1987; Fowler et al. 1989; White & McKenzie 1989; White 1989) , small scale convection initiated by abrupt rifting (Mutter et al. 1988 ) and magma ponding (Keen, 1987) .
High asthenospheric temperatures
In this model uniform extension and thinning of the lithosphere causes hot asthenosphere to well up generating partial melt as it decompresses (Fig. 2a) . The thickness of melt can be predicted by calculating the effect of partially melting a column of asthenosphere, and depends on the Mutter et al. (1988) propose alternatively that the thick igneous sequences at volcanic margins are generated by the overturn of small scale convection cells (Fig. 2b ). In this model continental rifting occurs in mechanically weak zones along a near-vertical boundary. Asthenospheric melt wells up between the rifted continental fragments producing high lateral temperature gradients between cold lithosphere and hot mantle. Numerical calculations by Buck (1986) suggest that these high temperature gradients would induce small scale convection cells in the upper lithosphere. Mutter et al. (1988) propose that these convection cells add igneous material to the new oceanic crust producing thickened crust adjacent to the margin, and that the cells die away when the thermal gradients stabilize so that the crust gradually thins seaward, as observed at both the Norwegian margin (Mutter et al. 1988 ) and the Hatton margin (this paper). Figure 2c shows the Keen (1987) model. In this model the magma is produced by adiabatic decompression of asthenosphere beneath stretched lithosphere, but it is retained in the asthenosphere during early stretching and only rises to the surface at the time of final continental rupture. Migration of the melt to the spreading axis produces thickened oceanic crust adjacent to the continental margin. Calculations by McKenzie (198413, 1985) and von Bargen & Waff (1986) suggest that melt generated in the upwelled asthenosphere would pass rapidly through the lower lithosphere, thus it is difficult to explain why the melt might be entrapped as required by the Keen model. To produce the particularly thick igneous sequences observed at North Atlantic margins it would be necessary to collect melt from a very broad region. by Fowler et al. (1989) , included 10 expanding spread profiles (ESPs) parallel to the margin, four synthetic aperture profiles (SAPs) perpendicular to the margin, a wide-angle OBS and multichannel refraction line perpendicular to the margin and through the centres of the ESPs, 1400 km of seismic multichannel normal incidence profiles and 7500 km of magnetic, gravity and bathymetry data. (i) There are high velocities and high velocity gradients in the upper crust at the continental slope.
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(ii) The lower crust below the continental slope consists of a thick (up to 15km) high velocity layer with a low velocity gradient (7.3-7.4 km s-l).
(iii) The Moho beneath the continental slope is layered with alternately high and low velocity laminae (not shown in figure) .
The high velocities and high velocity gradients (item i above) were required to model high amplitude arrivals in the mid-ranges (25-55 km) on ESPs C and E . The lack of arrivals between these mid-range arrivals and the reflection from the Moho in these two ESPs was modelled by a high velocity layer with a low velocity gradient (item ii above); rays diving below the high gradient layer turn slowly and do not arrive at ranges of less than the maximum shot-receiver range of 110 km. A laminated Moho was used to match the amplitude of the observed Moho reflections. Prescott (1988) computed a density model (Fig. 5 ) from a gravity profile that was coincident with the two refraction lines discussed in this paper. The high density in the lower crust below the slope corresponds to the proposed region of high seismic velocity. The high density in the upper crust is coincident with the volcanic pile discussed below. Figure 6 shows the migrated record section for the reflection profile that was coincident with the two refraction lines. Two series of dipping reflectors are marked on the record section; one on the upper continental slope, and the other at the base of the slope and continuing into the oceanic basin. The dipping reflectors are observed on all the normal incidence and synthetic aperture profiles across the margin. In several of these profiles a mid-slope unconformity is observed between the seaward dipping reflectors and some sub-horizontal reflectors (Fig. 6) . The arrival times of the sub-horizontal reflectors show that they are primary arrivals. The base of the unconformity maps out a disc-shaped volcanic pile, about 35 km in diameter and 5 km thick at its centre, at the centre of the survey area (White et al. 1987 ). The pile is almost certainly igneous as it has a high velocity (Figs 4 and lo), high density (Fig. 5) , and strong magnetic signal (Prescott 1988 ) associated with it. The pile is thought to be a late-rift or post-rift feature as it overlies the dipping reflector sequences which, away from the pile, stretch over the entire continental slope.
OBS refraction h e
The OBS refraction line ran from the eastern Hatton Bank, across the continent-ocean boundary, and into the Iceland Seismic study of the Hatton margin 375 from Loran C navigation and used to calculate approximate shot-receiver ranges. The final ranges were calculated by ray tracing water-wave arrivals from shot to receiver. Water depths were measured from the ship's echo sounder record. Profiles of water velocity were measured at each end of the OBS line. The total measurement error of first arrival travel-times is calculated to be about 70 ms (Morgan 1988) . Figure 8 (a, b, c and d) gives plots of the vertical geophone records for OBS 4, 5, 1, and 2, respectively. The approximate travel-time picks and correlations for the diving ray through the crust and for the reflection from the Moho are shown on the seismograms. The rapid changes in travel-times, apparent velocities and amplitudes, and the occurrence of shadow zones (e.g. between 55 and 65 km range for OBS 5 ) reflect the lateral variability across the margin.
Variable offset refraction line
The shots described above, which were fired from the RRS Charles Darwin, were also recorded on a multichannel streamer towed by RRS Discovery which travelled in the opposite direction. The speed of both ships was determined by their activities: the RRS Charles Darwin travelled at about twice the speed (10knots) of the RRS Discovery (5 knots). Since the shot and receiver positions, shotreceiver midpoints and offsets were different for each shot this line was named the variable offset profile.
The geometry of the variable offset line is shown in Fig. 7 . During the experiment the shooting ship travelled 160 km, the receiving ship 80 km, the offset between t h e two ships varied between f 1 2 0 km, and the midpoint moved 40 km. Normally a moving shot-receiver configuration would not be used in a seismic experiment as the results are extremely difficult to interpret. In this experiment several types of seismic lines were recorded and the variable offset line, with its widespread shot and receiver locations, was important in constraining parts of the model poorly defined by the other datasets. In particular, the crossover of the two ships was at the centre of the volcanic pile described above, and the variable offset data was used to determine its velocity structure.
The receiving ship towed a 48-channel hydrophone streamer with a 50m group spacing. The ships' offset, the feather angle and the ranges were calculated using the water-wave arrivals. Figure 9 (a, b, c and d) gives data from the variable offset line for shot-receiver ranges of -120 to +90 km. When the shooting ship is west of the receiving ship negative ranges are used, and when it is to the east the ranges are positive. Between each shot the shooting ship moved 1.5 km and the receiving ship 0.75 km; since the array was 2.35 km long slightly more than 100 per cent coverage was obtained and the dark bands show the resulting overlap of the array. Near the crossover the direct water wave, sea-bottom reflection and refractions though the sediment and upper crust are clearly observed (Fig. 9c) . On some of the shots high apparent velocities are observed across the array (e.g. Fig.  9b ). This en echelon effect is produced by the steep dip of the sea-floor below the array. Clear first arrivals are seen over most of the line. Between -90 and -60 km a second arrival, probably a Moho reflection, is observed but no corresponding reflection is seen on the positive range side.
MODELLING P R O C E D U R E
The refraction data were modelled using a program based on Maslov asymptotic ray theory, which was developed by Chapman & Drummond (1982) . Maslov theory extends the WKBJ transform method, which is valid globally for one-dimensional media, to make it valid locally in two-and three-dimensional media. As discussed in Chapman & Orcutt (1985) , this program has advantages over programs based on asymptotic ray theory (ART): it is valid for many problem signals for which ART breaks down; it is particularly efficient as ray tracing can be calculated analytically and seismograms are interpolated at the receivers; and the seismograms are relatively insensitive to complex boundary shapes due to the inherent smoothing in the method. These qualities were particularly important in modelling the Hatton Bank data because of the large number of models tested and the lateral variability of the structure across the margin.
The ESPs were used to construct an initial model, and then a trial-and-error forward modelling approach was used to find a model that was consistent with the ESP, OBS and variable offset data. The difficulties involved in finding a best fit model were mostly related to the inherent instability of the forward modelling technique and the complex nature of the margin. Small changes in the model parameters often caused dramatic changes in the seismograms. Alterations to velocity models that improved the fit for one dataset often caused instabilities in the modelling of another. The margin itself is highly three-dimensional and it was difficult, within the constraints of the program, to design a velocity model that adequately represented the real structure. A combination of these factors made iteration towards a best fit model a slow process. Thus a fairly simple modelling technique was employed: (i) the travel-times of close range first arrivals at each OBS were modelled, (ii) the shadow zones and distant first arrivals were modelled for each OBS; each change had to be modelled for all four OBSs, (iii) the near surface structure sampled by the first arrival ray paths was kept constant and the Moho reflection was modelled by adjusting the deeper structure, (iv) the model derived from the OBS data was used to model the variable offset data, and the travel-time fit assessed and (v) the OBS, variable offset, and ESP data were used to develop an overall best fit model taking into account the amplitudes.
During the modelling of the OBS data the complexity of the velocity model was greatly increased. In particular the high gradient layer in the mid-crust was extended to fit the fast travel-times and shadow zones seen on the observed data, for example 65-75 km, and greater than 75 km for OBS 4 (Fig. 8a) and 35-50 km and 55-65 km for OBS 5 (Fig. 8b) . The variable offset data show fast arrivals for ranges less than f45 km and slow arrivals for (absolute) ranges greater than -80 and +55 km (see Fig. 9 ). The crossover of the variable offset line is situated in the centre of the volcanic pile. Forward modelling showed that high velocities were required in the pile to model the fast short-range arrivals, and a velocity inversion was required below the pile to model the slow long-range arrivals.
The differences between the final velocity model (Fig.  10 ) and the ESP model (Fig. 4) are probably due to the three-dimensional nature of the margin, as discussed below. 
Expanding spread profiles
Two-ship experiments, including ESPs, have been used to investigate several passive margins: the Hatton Bank (White et al. 1987) , the east coast of the USA (NAT Study Group, 1985 ; LASE Study group 1986), the Norwegian and Greenland margins (Eldholm & Mutter 1986; Mutter et al. 1988 ) and the Bay of Biscay margin (Pinet et al. 1987) . In these studies the structure of the passive margin is assumed to be two-dimensional, that is one-dimensional along strike beneath each ESP. This is obviously an over-simplification since rifting and spreading are widely considered to be three-dimensional processes (Courtillot 1982; Francheteau & Ballard 1983; Schouten, Klitgord & Whitehead 1985; Crane 1985) and refraction experiments have shown there are lateral variations in velocity in all directions in crust formed by these processes (Sinha & Louden 1983; Potts 1985; Purdy & Detrick 1986 ). The ESP technique critically depends upon the assumption that the sampled structure is one-dimensional along the line. During forward modelling it is not possible to tell how appropriate the one-dimensional assumption is and, importantly, if the assumption is incorrect, in what way the final velocity-depth model has been affected. The modelling of the ESPs over the Hatton Bank demonstrate this point. ESPs C and E ), whose midpoints were over the volcanic pile, were modelled with too low a velocity in the pile and too high a velocity in the lower crust. A lateral decrease in upper-crustal velocity away from the ESP midpoint probably caused this error. Such a decrease in velocity is supported by (i) the decrease in the gravity anomaly away from the centre of the pile and (ii) the identification of turning ray arrivals in the ESP C data that cannot be modelled with a one-dimensional model (Morgan 1988) . Results from ESP's D and DD , which lay on coincident strike lines with midpoints offset by 4 km, show remarkably different features; in the modelled ESP D velocity-depth profile the velocity increases in steps to a maximum value of 7.4 km s-l at 7 km, whereas for ESP DD the velocity increases smoothly to a value of 6.9 km s-l at 7 km.
If one-dimensional modelling proves unsatisfactory then it is difficult to apply two-dimensional modelling techniques to ESPs as each shot-receiver combination must be ray traced separately and there is little control on the lateral velocity changes; the configuration of the experiment produces few crossing ray paths.
RESULTS
In the search for a best fit velocity model (Fig. 10) about 700 trial models were considered, which involved in total about 5000 runs of the ray tracing program. (iv) At the bottom of the continental slope the lower crust has a uniform velocity of 7.3-7.4 km s-'.
(v) Reflections from the Moho constrain only parts of the Moho (segments A, B, C and D in Fig. 10) . Figures 11 and 12 show the final ray diagrams and synthetic seismograms for the OBS data and some of the variable offset shot-receiver pairs. Most of the synthetic travel-times fit the observed data to within 50ms, although some rapid changes in apparent velocities were not well modelled (e.g. the 70-80km range for OBS 4). The velocities in the upper and middle crust are reasonably well constrained as there are many crossing ray paths in these below: (Fig. 10) . Stars mark the position of the shots.
zones (see Figs 11 and 12) . The velocities in the lower crust below the continental slope are less well constrained as there are no turning rays and the exact points of reflection from the Moho are not well determined.
In modelling the deeper structure, reflections were modelled from isolated sections of the Moho: A, B, C and D in Fig. 10 . The lack of reflections from the other parts of the Moho could be explained by any of the following: (i) the reflections were recorded but were too small to be observed; for example if they were subcritical, (ii) the Moho is not reflective to the incoming energy; the amplitude of reflections from gradient zones and alternately high and low velocity laminae depend on the dominant frequency of the incident wave or (iii) the Moho is discontinuous. Unfortunately, no reflection from the Moho was observed on any of the normal incidence reflection profiles as later arrivals were masked by deep water multiples.
Apart from the data from OBS 4, which illuminated the oceanic Moho, the amplitude of the Moho reflection in the synthetic seismograms is consistently too small. Since only the contrast in amplitude can be modelled, the model is incorrect either because the modelled Moho reflection is too small, or because the diving rays are too large. The Moho reflection could be increased by (i) interference between more than one phase, for example multiple reflections from alternately high and low velocity laminae or (ii) focusing of rays. The amplitude of the diving rays could be decreased by attenuation effects particular to the diving rays. For example, highly reflective layering in the lower crust could attenuate diving rays by scattering them; rays travelling subhorizontally in the lower crust would undergo total internal reflection. Layering may also boost the more steeply diving reflections from the Moho by interference effects, although the amplitude of Moho reflections may realistically only be increased by a few tens of percent by this method (Raynaud 1986 ). An experiment that measured absolute amplitudes at both the source and receiver could help distinguish whether (i) the amplitudes of the synthetic reflections are too small or (ii) the diving rays are too large. In the ESP model the Moho is modelled as a series of laminae, whilst the Moho in the final model here is sharp. No alternative modelling the Moho transiton has been attempted for this model; in two-dimensional modelling it is extremely difficult to obtain multiple reflections that consistently interfere in a constructive manner.
The final travel-time fit of the synthetic to real data is very good, but the amplitude fit remains quite poor. The poor amplitude fit is at least in part a consequence of the forward modelling technique; a highly laterally heterogeneous velocity model was required to fit the travel-time data, but such a model produces instabilities in the calculated amplitudes. However, the amplitude fit is good enough for us to be confident that the seismic phases have been identified correctly.
INTERPRETATION
6.1 Hatton Bank upper crustal structure A late-stage volcanic pile was identified in the upper crust mid-way up the continental slope (Fig. 6) . Off-ridge volcanic accretion centres seen in Iceland (Gibson & Piper 1972; Helgason 1984 ) and near the East Pacific Rise (Fornari, Ryan & Fox 1984) have dimensions similar to the volcanic pile on the Hatton Bank. These volcanic centres (or extended volcanic zones) are typical of fast spreading ridges and of spreading centres dominated by hot spots (Sempere, MacDonald & Miller 1988) . The Hatton Bank volcanic pile is thus probably an off-ridge volcanic centre, extruded during late rifting or early spreading and associated with the Iceland hot spot. The magma feeding the off-ridge volcanic centres may originate from small shallow magma chambers offset from the central chamber (Sparks, Meyer & Sigurdsson 1980) , or be produced by a small-scale shift in the spreading axis (Helgason 1984) .
The seismic velocity of this volcanic body is unusually high (6.2 km s-' near surface and 7.2 km s -' at base), suggesting that it has a high MgO content and consequently that it is derived from a mafic magma. The increase in seismic velocity with depth in the volcanic pile may be related to an increase in MgO content, a decrease in porosity, or to a reduction in weathering and hydration effects. The latter effects would all reduce the seismic - velocity, thus the maximum velocity of 7.2kms-' at the base of the volcanic pile suggests that the MgO content here is at least 16 per cent (see Fig. 13b ).
Hatton Bank: lower crustal structure
Velocities in the lower crust will depend on the composition of the melt added, the initial composition of the lower crust and the effect of the rifting; velocities may be altered during stretching (the stress and strain fields will presumably be altered) or due to metamorphism as the crust interacts with the hot asthenospheric melt. In the interpretation in this paper the velocities are interpreted purely in terms of the quantity of accreted material and its composition. McKenzie & Bickle (1988) calculate the compositions of a melt derived from a garnet peridotite for increasing melt percentage. White & McKenzie (1989) calculate the seismic velocity of the solidified melt by finding its CIPW norm, converting the orthopyroxene to olivine and quartz, and then calculating a Voigt-Reuss-Hill (VRH) average (see Chung 1963) . The Voigt (V) average velocity is calculated assuming uniform strain through the composite, the Reuss (R) average assumes uniform stress, and the VRH average is the arithmetic mean of the two. The Hashin-Shtrikman (HS) bounds are more accurate bounds for a polycrystalline aggregate (Watt, Davies & O'Connell 1976) . In Fig. 13(b Carmichael (1982) and Furlong & Fountain (1986) . Note that the velocities are about 0.05 km s-' higher than those calculated by White & McKenzie (1988) , as orthopyroxene has not been converted to olivine and quartz.
In Fig. lO(a) material that is dominantly igneous is shown by dark shading; this includes the near surface volcanics and oceanic crust. The particularly high velocities at the bottom of the continental slope suggest that the crust there is entirely igneous. The material marked with crosses is probably largely old continental material, although the slightly elevated velocities in the lower crust may represent some igneous intrusion. Below the continental slope the light shaded crust may either consist entirely of newly underplated material or be a mixture of old continental crust, upper mantle and new accreted material. Thus, the melt thickness emplaced at the bottom of the slope is about 18 km (position 4) and thins to 11 km (position 5) in the Iceland Basin (Fig. 10a and b) . To estimate the thickness of igneous material accreted below the continental slope it is assumed that the velocity of the new lower crustal material is 7.3-7.4 km s-', as observed in the adjacent thickened oceanic crust, and that the pre-rift lower continental crust has a velocity of 6.7-7.1 km s-l, as seen in the adjacent continental crust. Using these values the melt thickness is calculated to increase from zero at the Hatton Bank to about 12 km mid-way down the continental slope (position Figure 13(a) shows that an asthenospheric potential temperature (the temperature the asthenosphere would 3).
have if moved adiabatically to the surface without melting) of 1410°C produces a melt thickness of about 18 km. If we assume that the original crust was 31 km thick, that the mechanical boundary layer (as defined in McKenzie & Bickle 1988 ) was about 85 km (the equivalent thermal lithosphere thickness is about 100 km), that the potential temperature was 1410"C, and that the melt thickness is as above, then we can calculate the approximate fi (stretching factor) across the margin. At position 1 (Fig. 10 ) the crustal thickness is 24km and the melt thickness is zero, thus fi -1.3. At position 2 the crust is 20 km thick and the melt thickness is 4.5 km, thus /I-2. At position 3 the crustal thickness is 18 km and the melt thickness is 12 km, giving a B value of about 5.
An important feature of the final velocity model (Fig.  10a) is that as the oceanic crust thins from 18 to 11 km (positions 4 and 5) there is a corresponding decrease in seismic velocity, which suggests that the thinner oceanic crust is less mafic. This correlation between melt thickness and composition suggests that there is a post-rift decrease in percentage melting of the asthenosphere. There is a similar correlation between melt thickness and seismic velocity at the Norwegian margin (Mutter et al. 1988) .
DISCUSSION
As discussed in the Introduction, three mechanisms have been proposed to explain the generation of the large quantity of igneous material accreted at North Atlantic margins; these models are discussed below in the light of the new results.
According to the high asthenospheric temperature model, the largest amount of melt should be produced at infinite stretching when sea-floor spreading is initiated (see Fig.  13a ). If both the asthenospheric temperature and the stretching factor are constant then the melt thickness and the composition of the melt will be constant. This is clearly not the case at North Atlantic margins where the igneous section adjacent to the margin is thicker than the crust in the oceanic basin; the Hatton oceanic crust thins from 18 to 11 km in the oceanic basin and Mutter et al. (1988) suggest that the oceanic crust thins from 25 to 10km at the Norwegian margin. White et al. (1987) propose that the melt thickness may decrease partly due to a modification caused by rifting. In this model a mushroom of hot ashtenospheric mantle is produced below the lithosphere over a 1000km radius around the central hot spot plume prior to rifting. At rifting large quantities of melt rise to the surface above the plume, thus removing a large amount of heat and cooling the asthenosphere (White & McKenzie 1989) . Another factor which may have led to a reduction in asthenospheric mantle temperature after breakup is that the Iceland plume appears to have been initiated only just before continental breakup occurred. Material carried up in the initial blob that started the plume was probably about 50°C hotter than the subsequent steady state flow (White 1989) . A reduction in the temperature of the asthenosphere would decrease the melt thickness generated by subsequent rifting. The Faeroes Ridge and Icelandic Plateau, with crustal thicknesses of about 35km (Bott & Gunnarsson 1980) and 25km, respectively, represent the thick igneous sequences pro-duced immediately above the central plume of the Iceland hot spot after continental breakup.
If thinning of the igneous sequence at the Hatton Bank was due entirely to cooling of the asthenosphere, then the temperature reduction would be about 70°C (see Fig. 13a ). The correlation between seismic velocity and melt thickness in the oceanic crust strongly supports a model for a decrease in melt percentage at rifting. The expected high concentration of volatiles in the first mantle material rising in the plume (Galer & O'Nions 1986 ) may also contribute to the early enhanced melt production adjacent to the margin; volatiles have the effect of lowering the melting point and thus increasing the melt percentage.
In the Mutter et al. (1988) model extra melt is transported upwards by convection cells and no increase in the degree of partial melting is required. Similarly, magma ponding does not predict a change in melt percentage at rifting. These models would have to include some mechanism that produced a change in the percentage of melt to explain the correlation of elevated velocities with melt thickness at North Atlantic margins.
CONCLUSIONS
The Hatton Bank experiment shows clearly the need to acquire diverse seismic datasets. One-dimensional seismic techniques are invaluable in determining a preliminary velocity model, but need to be supported by seismic data to which two-dimensional modelling techniques may be applied.
A model of igneous accretion has been demonstrated to fit the velocity model across the Hatton Bank margin. It should be noted that there are other possible factors that could modify the lower crustal velocities under the slope, such as metamorphism associated with the stretching and magmatism. In this study the final velocity model was used to calculate melt thickness added across the margin, found to thicken from zero at the Hatton Bank to about 18 km at the bottom of the continental slope and thin to 11 km in the Iceland Basin. The thickness, seismic velocity and density of the igneous section can be explained by decompression melting of asthenospheric mantle, provided that the asthenospheric temperatures were initially elevated by about 130°C above normal by the adjacent Iceland hot spot. The seaward decrease in both oceanic crustal thickness and seismic velocity strongly suggests that there has been at least some decrease in percentage melt after rifting. The decrease in melt percentage may be explained by a post-rift decrease in asthenospheric temperature, possibly accompanied by a reduction in volatile content. The melt thickness was used to estimate values of p, found to vary from 1.3 at the Hatton Bank to -5 on the continental slope.
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